the generation of basaltic magmas, and these initial melts are carbonatitic. It is these low-temperature, low-volume melts that are discussed here, not basaltic melts.
We first address the effect of water in controlling temperatures of melting in the oceanic mantle. We then examine the effect of carbonate and combine this with seismic observations to develop a model for melting in the upper 300 km of the oceanic mantle. This includes the depth range of the seismic lowvelocity zone, which has long been thought to be caused by melting (Anderson and Sammis, 1970) . However, agreement about this is not complete (Karato and Jung, 1998) .
Deep low-velocity regions beneath volcanic centers extend, in some cases, to ~700 km (Ritsema and Allen, 2003) and at Iceland have been explained by partial melting or a combination of partial melting and elevated temperature (Foulger et al., 2001) . The claim that some low-velocity features extend to the coremantle boundary (Montelli et al., 2004) and represent evidence for hot plumes has been the focus of some disagreement. On the basis of recent experimental studies at high pressures, we examine the possibility that low-velocity anomalies extending to depths of ~700 km and possibly into the lower mantle may be caused by small amounts of melting without enhanced temperatures. Michael (1988) found that the maximum amount of H 2 O in the least fractionated mid-ocean ridge basalt glasses (MORBs) is ~0.21 wt.% and concluded from this that the amount of H 2 O in the oceanic mantle source for enriched MORBs is ~350 ppm, an amount similar to that estimated by others. Table 1 shows that this is less than the bulk solubility of H 2 O in garnet lherzolite. This result is less ambiguous than the discussion in Presnall et al. (2002) because of the recent revision of the infrared calibration for determination of H 2 O in olivine (Bell et al., 2003) , which increases the solubility limits for this mineral by a factor of 3.5. Therefore, all the H 2 O would normally be taken up by the nominally anhydrous phases, and none would be available for the formation of amphibole or phlogopite, a conclusion consistent with the complete absence of primary hydrous phases in abyssal peridotites (Dick et al., 1984) . This absence of primary hydrous phases simplifies consideration of the shape of the solidus curve in the discussion of the MORB solidus that follows, and we suggest that this is the normal situation in the oceanic mantle. However, Hawaii is different. Amphibole has been found in Hawaiian pyroxenite and pyroxenite-veined lherzolite xenoliths at Salt Lake Crater, Oahu, Hawaii (Sen, 1988; Sen et al., 1996) , which is consistent with the elevated concentration of H 2 O in Hawaiian lavas (Dixon and Clague, 2001) . The difference in H 2 O content between Hawaiian lavas and MORBs sampled from many localities suggests that the mantle beneath Hawaii is anomalous for the ocean basins.
EFFECT OF WATER ON SOLIDUS TEMPERATURES
In the absence of hydrous phases, H 2 O lowers melting temperatures of peridotite. A well-constrained result for a simple system is provided by the study of Eggler and Rosenhauer (1978) . They determined the liquidus of the system CaMgSi 2 O 6 -H 2 O at 2 and 3 GPa and found that the melting curve of diopside is slightly concave at both pressures. At 2 GPa, 0.2% H 2 O in the melt reduces the diopside liquidus by 7 °C, and at 3 GPa the reduction is 12 °C. Thus, a pressure effect exists, but for the small amount of H 2 O considered here, it is not important. Another approach is to use the parameterization of Katz et al. (2003) , an average of several studies on the depression of the solidus for natural peridotite compositions. Their parameterization, which ignores the effect of pressure, yields a solidus reduction of 13 °C for 0.2% H 2 O in the melt. As both of these methods yield temperature reductions that are very small and in good agreement, the effect of H 2 O on oceanic mantle melting behavior will be ignored. Even at Hawaii, where the amount of H 2 O in primitive melts is ~0.4%, the equation of Katz et al. (2003) gives a solidus suppression of only 22 °C. 
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Notes: 1 Bell and et al. (2003) .
EFFECT OF CARBONATE ON SOLIDUS TEMPERATURES
The behavior of CO 2 is very different from that of H 2 O. As C has a maximum solubility of only 1-5 ppm in normal mantle phases at 1.5-6 GPa, 900-1300 °C (Keppler et al., 2003) , it occurs in the upper mantle as graphite, diamond, CO 2 vapor, carbonate minerals, or carbonate-rich melt. For a natural carbonated lherzolite, the transition at the solidus from CO 2 -rich vapor to dolomite has been found to occur at 1.9 GPa (Fig. 1) . At lower solidus pressures, the instability of carbonate means that small amounts of CO 2 do not have a significant effect on solidus temperatures. However, at pressures above 1.9 GPa and oxygen fugacities (fO 2 ) consistent with carbonate stability, even the smallest amounts of carbonate reduce the mantle solidus at least 300 °C below the carbonate-free solidus and the initial melt is carbonatitic (Wyllie and Huang, 1975; Eggler, 1978; Falloon and Green, 1989; Dalton and Presnall, 1998a) . No separate vapor phase is present. The abrupt temperature reduction of the solidus at 1.9 GPa occurs because dolomite becomes stable at this pressure and the melting temperature of dolomite is far below the solidus of the silicate phase assemblage. The key feature of carbonate is that, unlike the case for H 2 O, the amount of solidus suppression at pressures above 1.9 GPa is not a function of the amount present. Because C is almost totally excluded from all mantle minerals, even the smallest amount produces the full temperature reduction as soon as dolomite becomes stable. Recognition of the importance of carbonate is demanded by the fact that 75%-97% of the vapor in MORB vesicles is CO 2 (Javoy and Pineau, 1991) , and these vesicles, in the experience of H.J.B. Dick (2003, personal commun.) , are always present in MORBs at the scale of a single dredge haul. Also, CO 2 is abundant in Hawaiian tholeiitic eruptions (~0.7%; Gerlach and Graeber, 1985; Gerlach et al., 2002) and is probably present at some level in all volcanic eruptions.
SUBCRATONIC AND OCEANIC MANTLE CARBONATE STABILITY
The stability of dolomite at lherzolite solidus temperatures starts at 1.9 GPa (Falloon and Green, 1989 ) and extends to 4.8 GPa at the CaO-MgO-Al 2 O 3 -SiO 2 -CO 2 lherzolite solidus (Dalton and Presnall, 1998a ) but only to ~3.5 GPa on the real mantle solidus (Fig. 2) . This difference is caused by the steeply positive slope of the curve along which dolomite converts to magnesite with increasing pressure. Magnesite then remains stable to pressures in excess of 100 GPa at temperatures above 2000 °C (Biellmann et al., 1993; Isshiki et al., 2004) . Therefore, in the absence of coexisting phases that might react with the carbonate and reduce it to graphite or diamond, carbonate is stable throughout most of the upper and lower mantle. Wood et al. (1990) suggested that in the garnet lherzolite field the amount of Fe 3+ in garnet increases with pressure, and that this is accomplished by reduction of carbonate to graphite or diamond. Canil and O'Neill (1996) determined the amounts of Fe 3+ in all the coexisting phases for a suite of subcratonic garnet lherzolites and confirmed that the amount of Fe 3+ in garnet progressively increases with temperature and pressure. They also found that the whole-rock Fe 2 O 3 content remains relatively constant with temperature and attributed the increase of Fe 3+ in garnet to a corresponding loss of Fe 3+ from orthopyroxene and clinopyroxene. For some of their samples that contain graphite or diamond, part of the Fe 3+ in garnet would appear to be present at the expense of carbonate.
In general agreement with these results, the fO 2 of garnet peridotites and pyroxenites from the Fennoscandian, South African, and Slave cratons have been determined to be about FMQ (fayalite-quartz-magnetite oxygen buffer) -3 log units, with a progressive decrease from roughly FMQ to FMQ -4 log units as pressure increases from 2 to 7 GPa (Gudmundsson and Wood, 1995; Woodland and Peltonen, 1999; McCammon et al., 2001; Woodland and Koch, 2003; McCammon and Kopylova, 2004) . As the minimum f O 2 for carbonate stability is about FMQ -1.7 log units , these studies suggest that beneath cratons an fO 2 sufficiently high for carbonate stability normally persists for only a limited pressure range into the garnet lherzolite field, perhaps to ~3 GPa.
Regions of the mantle with sufficient carbonate to exceed (Presnall et al., 2002) ; CMAS-CO 2 (blue)-model carbonated lherzolite (Dalton and Presnall, 1998b; Gudfinnsson and Presnall, 2005) ; carbonated natural (red)-carbonated natural lherzolite solidus showing limits of bracketing experiments (Falloon and Green, 1989) .
the reducing capacity of the garnet would preserve high f O 2 values to greater depths. Indeed, the xenoliths that have indicated a progressively decreasing fO 2 with depth beneath cratons were brought to the surface by deeper kimberlite melts containing large amounts of carbonate. Experimental studies (Dalton and Presnall, 1998a,b; Gudfinnsson and Presnall, 2005) strongly support the formation of kimberlite magmas by melting of a carbonated lherzolite mantle, and the data of Gudfinnsson and Presnall (2005) suggest a depth of origin for some kimberlites of greater than 250 km. Furthermore, carbonatitic melts and carbonate minerals have been found as inclusions in diamonds (Schrauder and Navon, 1994; Wang et al., 1996; Sobolev et al., 1997; Stachel et al., 1998; Leost et al., 2003) , and it has been shown experimentally that diamonds will grow in a carbonate melt at high pressures (Arima et al., 1993; Pal'yanov et al., 1999; Sokol et al., 2001 ). Thus, even though the subcratonic mantle appears generally to decrease in fO 2 with depth so that carbonate is no longer stable, local enrichment in carbonate that exceeds the reducing capacity of garnet must exist to at least 220 km depth (~7 GPa), the approximate maximum recovery depth of peridotite xenoliths.
A rough estimate of the amount of carbonate necessary for persistence at significant depths into the garnet lherzolite stability field is instructive. We assume initially that all of the Fe 3+ in garnet comes at the expense of carbonate. Typical garnet lherzolites average ~4%-5% garnet (Boyd and Nixon, 1972; McDonough, 1990) , and the Fe 2 O 3 content of mantle garnets in high-temperature garnet lherzolites ranges from 0.20% to 1.56% (Luth et al., 1990; Canil and O'Neill, 1996; Woodland and Koch, 2003) . For this amount of Fe 2 O 3 an average garnet lherzolite would convert ~13-100 ppm CO 2 to diamond. Much less would be reduced if coexisting pyroxenes rather than carbonate were the main contributors to Fe 3+ in garnet (Canil and O'Neill, 1996) . Thus, garnet lherzolites beneath cratons with very low fO 2 values would be expected to have very small amounts of graphite or diamond but no carbonate. This is consistent with the presence of diamond or graphite in some garnet lherzolite xenoliths , the extreme rarity of carbonate in these xenoliths (Canil, 1990) , and the generally depleted character of much of the mantle beneath cratons. The isolation of this part of the mantle from the actively convecting mantle and its attachment to the overlying crust for 1-3 b.y. (Pearson et al., 2003) would commonly prevent it from being resupplied with subducted carbonate. This suggests that the 210 (Conder et al., 2002) . The values of 0.2% and 0.05% indicate estimates, based on the data of Gudfinnsson and Presnall (2005) , of the amount of melt on the 1240 °C adiabat at 2 GPa and along the entire solidus above 1.9 GPa for the assumption of a lherzolite with 200 ppm CO 2 . G/D-graphitediamond transition (Bundy et al., 1961) ; Sp/Gt-spinel lherzolite-garnet lherzolite transition (O'Hara et al., 1971) .
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oceanic mantle may be more oxidized than the cratonic upper mantle.
The stability of carbonate in the oceanic mantle has also been examined. Wood et al. (1990) found that the average fO 2 of the MORB mantle, as determined from abyssal spinel peridotites, averages about FMQ -0.9 log units. This is in general agreement with values determined from MORB glasses (Christie et al., 1986) and is consistent with the stability of carbonate. Unfortunately, the complete absence of garnet-bearing peridotite samples at ridges prevents direct determination of fO 2 at depths greater than that of the garnet-spinel lherzolite transition at ~1.9 GPa (Fig. 2) .
Estimates of the amount of CO 2 in the oceanic mantle are based on the amount of CO 2 in oceanic basalts and various kinds of modeling (Gerlach and Graeber, 1985; Greenland et al., 1985; Marty and Jambon, 1987; Gerlach, 1989; Bottinga and Javoy, 1990; Blundy et al., 1991; Trull et al., 1993; Zhang and Zindler, 1993; Canil et al., 1994; Gerlach et. al., 2002; Saal et al., 2002) . Values range from 72 to 3700 ppm, and there is no consensus. Given that carbonate is recycled back into the mantle at subduction zones (Becker and Altherr, 1992; Zhang et al., 2002) , it is expected to be present in the oceanic mantle, and strong heterogeneity is likely. Carbonate has been described in xenoliths from the Canary Islands (Frezzotti et al., 2002) , and Keshav and Sen (2003) found evidence for kimberlitic melts at Hawaii. A carbonatite volcano even occurs at Santiago, Cape Verde Islands (Silva et al., 1981) , and carbonatite eruptions have occurred at Fuerteventura, Canary Islands (Hoernle et al., 2002) . As carbonatitic melts in equilibrium with lherzolite are stable only at pressures greater than 1.9 GPa, these magmas must have originated in the garnet lherzolite field (Fig. 2) . Microdiamonds in a garnet pyroxenite xenolith from Salt Lake Crater, Oahu, Hawaii (Wirth and Rocholl, 2003) , indicate a pressure greater than ~6 GPa, and Bizimis et al. (2003) found carbonate in another garnet pyroxenite xenolith from this locality.
Because samples of the oceanic mantle at depths greater than that of the spinel lherzolite facies are rare, the variation in oxidation state with depth is not known. Therefore, we assume that progressive reduction with depth, like that found in the cratonic mantle, is the normal situation in the ocean mantle. However, the occasional presence of deep carbonate, as at Hawaii and the Canary and Cape Verde Islands, indicates that local carbonate enrichments extend to depths of at least 200 km and probably much deeper. The most likely situation for the oceanic mantle is that the amount of CO 2 varies strongly but is commonly ~100-200 ppm, which is within the extremes of proposed values. This amount would generally not exceed the reducing capacity of Fe 3+ in garnet and would probably result in the exhaustion of carbonate at a depth less than ~150-200 km. Figure 1 shows model system and natural composition data used for construction of an oceanic solidus curve for carbonated lherzolite. The effect of water is neglected at all pressures, and the effect of carbonate is neglected at pressures less than 1.9 GPa. Important features are (1) the nearly identical slopes of the CaO-MgO-Al 2 O 3 -SiO 2 (CMAS) model system lherzolite solidus (black) and the average volatile-free lherzolite solidus (green) determined from experiments on natural peridotites, and also (2) the nearly identical forms of the CMAS-CO 2 model lherzolite solidus (blue) and the solidus (dotted red brackets) determined on a natural carbonated lherzolite. The lower pressure for the steeply negative slope of the natural carbonated lherzolite solidus is caused by the positive slope of the subsolidus decarbonation reaction (not shown) that intersects both solidus curves and defines the base of the steeply negative slope in each case (Dalton and Presnall, 1998a) . Although the portion of the solidus with the steeply negative slope has not been experimentally bracketed in the CMAS system, it has been shown to have this shape in the slightly simpler CaO-MgO-SiO 2 -CO 2 system (Eggler, 1978) . For the natural carbonated lherzolite solidus, temperatures are well constrained at low pressures, but the slope at higher pressures is not. For the model system solidus, temperatures are too high for natural conditions, but the slope of the solidus at high pressures is well constrained. Therefore, to construct a "best" solidus (red curve) for a wide pressure range under natural conditions, we combine (1) the volatile-free lherzolite solidus at 0.9-1.5 GPa in the system CaO-MgO-Al 2 O 3 -SiO 2 -Na 2 O-FeO reduced by 60 °C to account for additional components (from Presnall et al., 2002) , (2) the solidus data of Falloon and Green (1989) from 1.9 to 3.5 GPa, and (3) an extension of the Falloon and Green (1989) solidus to higher pressures using the slope of the CMAS-CO 2 lherzolite solidus.
OCEANIC MANTLE SOLIDUS CURVE

THE OCEANIC LOW-VELOCITY ZONE
The oceanic low-velocity zone (LVZ) is particularly strong along the oceanic ridge system (Ekström and Dziewonski, 1998; Montagner and Ritsema, 2001; Ritzwoller et al., 2001; Ritsema et al., 2004) and has long been attributed to partial melting (Anderson and Sammis, 1970; Lambert and Wyllie, 1970; Wyllie and Huang, 1975; Eggler, 1976; Forsyth, 1992; Webb and Forsyth, 1998) . In a detailed tomographic image of the upper part of the LVZ near17°S on the East Pacific Rise, Conder et al. (2002) showed that the lowest off-ridge shear velocities just west of the ridge occur at a depth of ~70 km, and just east of the ridge at 80 km (brackets in Fig. 2) . In a later tomographic image, Dunn and Forsyth (2003) showed an essentially similar result but with slightly revised contouring. Figure 2 shows that the depth range of lowest velocity coincides with the depth of greatest solidus reduction (the largest melt fraction along an adiabat). Also, the abrupt decrease of solidus temperatures at 60-65 km depth provides a simple explanation for the sharp decrease of seismic velocity at approximately this depth for the MELT (Mantle Electromagnetic Tomography). area as well as elsewhere (Gaherty and Jordan, 1996; Conder et al., 2002; Dunn and Forsyth, 2003) . This excellent agreement strongly supports the suggestion GSA asked that acronyms and abbreviations be spelled out on first mention in text and figures. (Wyllie and Huang, 1975; Eggler, 1976) that melting caused by the presence of carbonate is the explanation for the LVZ. In the western Pacific, Revenaugh and Jordan (1991) found that the depth of the upper boundary of the LVZ (the G discontinuity) varies between 50 and 100 km. The depth of 60-65 km for the sharp decrease in solidus temperature (Fig. 2) is well within this range, and would vary somewhat depending mainly on the proportions of MgO, CaO, and FeO in the carbonate phase. For example, note the increase in depth to ~80 km (Fig. 1, dashed blue curve) for a composition containing no iron oxide. Thus, the variation in the depth of the G discontinuity is an expected consequence of a compositionally heterogeneous mantle. Karato and Jung (1998) calculated that the crystalline residue produced by melting in the LVZ would have a higher seismic velocity than that of the unmelted rock, and concluded that the LVZ is not caused by melting. However, they excluded the melt from this calculation, which is not a condition that would exist in a mantle that has a porosity threshold for melt migration (Faul, 2001) . Furthermore, in order to produce basalts, melting must occur along ridges at temperatures close to the volatile-free lherzolite solidus (Fig. 2) . Because the temperature of the carbonated lherzolite solidus abruptly drops at 1.9 GPa to values far below any temperature on the volatile-free lherzolite solidus, there is no adiabat capable of producing basalts that would fail to produce small amounts of carbonate-rich melt in the depth range of the LVZ. For a mantle containing ~200 ppm CO 2 , the amount of carbonatitic melt produced at the solidus would be ~0.05 wt% (Dalton and Presnall, 1998b; Gudfinnsson and Presnall, 2005) .
To further test the validity of carbonate-rich melt as the cause of the LVZ, it would be desirable to compare the observed reduction of shear velocity in the LVZ with that expected by carbonate-induced melting. This would require a knowledge of the amount of melting and the relationship between shear velocity and amount of melt. Both are uncertain. Directly beneath ridges, the modeling of Presnall et al. (2002) involves large amounts of melting to produce basaltic melts in the depth range of 30-45 km. This shallow and laterally restricted region of basalt production is not of concern here. In the LVZ, which lies beneath the region of basalt production, the maximum amount of carbonate-rich melt along a 1240 °C adiabat would occur at a depth just greater than the abrupt decrease in the carbonated lherzolite solidus temperature at ~60 km (Fig. 2) . For a mantle with 200 ppm CO 2 at this depth, the data of Gudfinnsson and Presnall (2005) yield a rough estimate of ~0.2% melt, but this value is likely to be highly variable depending on the local amount of carbonate. Anderson and Spetzler (1970) indicate that for 0.2% melt, the observed reduction of ~6% in shear velocity at the G discontinuity (Dunn and Forsyth, 2003) would require very flattened melt volumes with an aspect ratio of ~10 -3 . Although Faul et al. (1994) found that an aspect ratio of ~0.05 is appropriate for low melt fractions, Drury and Fitz Gerald (1996) observed, for an experimentally deformed olivine-orthopyroxene rock at 1500 K, 300 MPa, that melt occurs in films 1.0-1.5 nm thick along all grain boundaries as well as in tubes along grain edges and in layers 50-500 nm thick. An additional complication (Cmíral et al., 1998) is dihedral angles that vary as a function of grain size and melt fraction. Also, Cmíral et al. (1998) found that these angles, excluding those for planar crystal faces, range from 0 to 10°, much lower than values reported earlier, which ranged from 20 to 50°. Thus, it appears that the variation of seismic velocity with melt fraction is a complex problem that cannot presently be quantified reliably.
For the lower boundary of the LVZ to be caused by the intersection of the solidus with a solid adiabat, the depth typically would be in the vicinity of 300 km for the very low potential temperature of 1240 °C (Fig. 2) . This is roughly twice the normal depth of 150 km (Ritsema and Allen, 2003) . An intersection at ~150 km would require an adiabat with a potential temperature less than ~1100 °C, which would be incapable of generating basalts. Therefore, we propose that the lower boundary is best explained by exhaustion of carbonate due to reduction to carbon, with variations in the depth of the lower boundary being the expected result of variations in the amount of carbonate, the reducing capacity of the mantle, or both. The progressive reduction of carbonate to carbon with increasing depth, as documented for the mantle beneath cratons, is consistent with the usual representation of the lower boundary of the oceanic LVZ as demonstrating a gradual increase of velocity with depth (for example, Gaherty and Jordan, 1996) .
THE TRANSITION ZONE
In addition to the progressive reduction of oxygen fugacity with depth discussed earlier, an additional abrupt reducing effect occurs at the 410 km discontinuity, assuming that this transition is caused by the olivine to wadsleyite transformation. Olivine in mantle xenoliths has no detectable Fe 3+ (Dyar et al., 1989) , whereas in wadsleyite and its transformation product, ringwoodite, at slightly higher pressures, the amount of Fe 3+ is expected to be large (O'Neill et al., 1993) . Since Fe 3+ can easily enter the abundant wadsleyite and ringwoodite phases, it is not forced into minor phases. Therefore, the oxygen fugacity is very low (O'Neill et al., 1993) . In this environment carbonate would normally be completely converted to diamond except in the case of a carbonate anomaly large enough to overcome even the enhanced reducing capacity of this part of the mantle. For such an anomaly, the solidus curves of a carbonated eclogite or possibly even carbonated lherzolite (Fig. 2) are low enough that melting could occur without enhanced temperatures.
Regions of low shear velocity have been reported beneath the Sea of Japan, the Yellow Sea, and adjoining parts of Asia (Revenaugh and Sipkin, 1994) , southeastern Africa (Vinnik and Farra, 2002) , and the Arabian plate (Vinnik et al., 2003) , although the result of Revenaugh and Sipkin (1994) has been questioned by Vinnik et al. (1996) . All have a consistent lower boundary at ~410 km, which suggests that they may be due to melting of carbonate concentrations sufficient to survive reduc-Needed because "boundary" isn't equivalent to "increase" "Above" and "below" are used only when we know that they will actually appear above or below a certain point on a page.
tion to diamond at depths of less than 410 km, but not the abrupt increase in reducing capacity at the olivine-wadsleyite transition. The depths of the upper boundaries are somewhat variable at ~330 km (Sea of Japan, Yellow Sea, East Asia), 280-300 km (southeastern Africa), and 350 km (Arabian plate). These boundaries may simply locate the upper limit of a region of enhanced carbonate.
Plumes are necessarily hot, and Sleep (1990) modeled plumes using an excess temperature of 225 °C. On the basis of low shear velocity anomalies extending to ~700 km depth beneath Afar, Bowie, Easter, Hawaii, Iceland, Louisville, MacDonald, and Samoa, Ritsema and Allen (2003) considered these volcanic centers possible locations for hot plumes. Similarly, low shear velocities beneath volcanic centers at 500 km depth were used by Courtillot et al. (2003) as an indication of high temperatures and as a possible plume diagnostic. Figure 2 shows that temperatures of the carbonated lherzolite solidus are more than 300 °C below the volatile-free lherzolite solidus, and the carbonated eclogite solidus (Shirasaka and Takahashi, 2003) is an additional 100 °C lower. At 10-15 GPa the latter is essentially parallel to a solid adiabat. As the carbonated lherzolite and carbonated eclogite solidus curves have nearly identical slopes at pressures less than 8 GPa and both are controlled dominantly by the melting behavior of carbonate, the carbonated lherzolite curve may have a slope at 10-15 GPa similar to that of the carbonated eclogite. In this case, for a localized region of the mantle with an amount of carbonate sufficient to survive reduction to diamond, very deep melting extending into the transition zone could occur at quite low temperatures.
On the basis of the oxygen isotopic composition of coesite inclusions in eclogitic diamonds, some mantle eclogites have been unequivocally shown to have a crustal origin (Schulze et al., 2003) . Also, concurrent subduction of basaltic crust and carbonate to produce carbonated eclogite in the mantle is supported by the observation of magnesite in eclogite from an ultrahigh-pressure metamorphic locality in China (Zhang et al., 2002) . The melting temperature would be very low (Fig. 2) , and the carbonatitic melts would probably be present in small amounts. Thus, instead of imaging temperature or major-element compositional heterogeneities, seismic tomography may frequently image regions with minor amounts of carbonatitic melt. Regions of low velocity may be a better indicator of old subducted crust than hot plumes. In this regard, it is interesting that at depths greater than ~200 km the low-velocity anomaly beneath Iceland extending to ~600-700 km (Ritsema and Allen, 2003) has the shape of a slab elongated parallel to the Mid-Atlantic Ridge (Foulger et al., 2001) . The issue of eclogite in the Iceland source region is discussed further by Foulger et al. (this volume) . Wood et al. (1996) argued that the low oxygen fugacity expected in the transition zone does not continue into the lower mantle. Instead, they suggested that oxygen fugacity is elevated, as in the upper mantle, so that magnesite would be stabilized rather than diamond. The reasoning is that Fe has been found to be concentrated more strongly in magnsiowüstite than in perovskite (Ito and Takahashi, 1989) . Because magnsiowüstite would be present in small amounts relative to perovskite and can accept a large amount of Fe 3+ , the oxygen fugacity would be high and magnesite would be stabilized. Melting in the lower mantle is generally dismissed because silicate compositions melt at temperatures far higher than those in the lower mantle. However, at high oxygen fugacities, solidus temperatures would be controlled by the low-temperature melting behavior of magnesite rather than the high-temperature melting behavior of perovskite and magnsiowüstite, a situation comparable to that in the upper mantle.
THE LOWER MANTLE
Although temperatures for the carbonated mantle solidus at lower mantle pressures are not known, the controlling lowmelting phase, magnesite, remains stable without any phase changes to at least 100 GPa (Isshiki et al., 2004) . Therefore, the temperature-pressure slopes of the carbonated solidus curves in Figure 2 would be only weakly affected by phase changes at 410 and 660 km. In this case, temperatures of the solidus curves would increase only gradually with pressure, and might lie fairly close to the 1240 °C adiabat in the lower mantle. For the more commonly used adiabat of ~1400 °C, melting in the lower mantle would be even more likely. Therefore, caution is necessary in using low seismic velocities in the lower mantle as an unambiguous indication of elevated temperature.
LIST OF CONCLUSIONS
1. If we assume that the amount of H 2 O in the oceanic upper mantle is less than ~350 ppm, H 2 O will be completely taken up by nominally anhydrous phases. In this case phlogopite and amphibole are expected to be absent as primary phases in the oceanic mantle. A possible exception to this is Hawaii, where the amount of H 2 O is elevated. When hydrous phases are absent, the effect of this amount of H 2 O on solidus temperatures is negligible. 2. At ~1.9 GPa, even the smallest amount of carbonate abruptly lowers mantle solidus temperatures by ~300 °C and melts at and near the solidus are carbonatitic. For a mantle containing ~200 ppm CO 2 , the amount of melt produced directly at the solidus is ~0.05 wt%, and on the 1240 °C adiabat at the top of the LVZ it is ~0.2 wt%. 3. The depth range and sharpness of the upper boundary (G discontinuity) of the low-velocity zone are in excellent agreement with the abrupt decrease in the solidus temperature of carbonated lherzolite at ~1.9 GPa. This strongly supports melting of carbonated lherzolite as the cause of the LVZ. However, even in the absence of any seismic constraints, petrological considerations require melting beneath ridges in the depth range of the LVZ. 
